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BACKGROUND

The ability to monitor water infiltration and soil water content in the vadose zone of soils is a 
great importance for various hydrological, agronomical, ecological and environmental studies. 

Water stocks  are importance for a large range of topics : water resources, 
global hydrology and meteorology, natural hazard, erosion, pollutants 
transfers. They are generally more difficult to assess in clayey soils, where 
the hydrological response can be highly non-linear.

By using soil temperature measurements with Fiber-Optic Distributed 
Temperature Sensing (FO-DTS), we can indirectly estimate soil water 
changes at high spatial and temporal frequency 



THE STUDY SITE

Draix-Bléone catchment, South French Alps



MEASUREMENT SETUP 1

Clay colluvium 
bushes Clay colluvium 

grassland
black marls

60 m

Installation of FO cable: 60 m
- crossing 3 soil types 
- 4 installation depths

• The instrument was installed on 
December 2015

• The instrument is still acquiring the 
data until now 

The 1st as boundary condition

6’ collection



Main technical characteristics :
• Single or double ended measurements
• Instrumental accuracy : 0.1°C 
• Spatial resolution : 0.5 m
• Remote transfer and configuration
• Laser power 17 mW

Digitizer : 
AP Sensing linear ProSeries

Fiber optic characteristics :
• S2015A : Sensor cable steel PA
• Ø fiber optics (2 mm)
• Very resistant fiber optic 

FIBER OPTIC INSTRUMENTATION



MEASUREMENT SETUP 2

To measure soil moisture directly, some sensor were installed permanently for each soil type.

- Tetha probe PR2
- Decagon EC5

DRAIX FO A
DTS +

Campbell CR10X

DRAIX FO B
CR1000

DRAIX FO C
CR10X

Delta-T PR2/6 

Delta-T PR2/4 Delta-T PR2/4 

plot C
3 EC5

plot A
3 EC5

WVC_C

WVC_A

humidity_C

hum_A

humidity_B

plot B
4 EC5

WVC_B

WP_Kpa_1 à 4

WP_Kpa_5 à 8
Watermark

Watermark

N

Profile FO-cable

5’ collection



CAMPAIGN OBSERVATION

Avignon le 23/05/2016 
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Optique 

1m 2m 

Plan du canevas sur l’interfluve pour la 
mesure d’humidité dans le sol. The other hand, direct humidity observation was 

measured by ML3 probe around fiber optic by 
colleague from Avignon (Martin, 2016)

(Marc, 2016)



SOFTWARE DEVELOPMENT

• The .xml files contain the uncorrected temperature 
The .dat files contain the temperature in baths as 
references expressed in ascii

• The .tra files contain the stoke-astoke to calculate 
ratio and 𝛾 in the correction steps.

File format information:
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Temperature correction uses the reference baths as calibration and raw data (stoke-antistoke to 
calculate C(t) coefficient that changes over time (dynamic correction) (De Jong, 2015)

(Giesen 2012)
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disadvantages are a somewhat more complicated installation, added algorithmic complexity, and often 
a noisier signal near the DTS apparatus. The central issue addressed in this paper is the extent to which 
double ended measurements can be used to correct for differential attenuation in environmental 
applications. As such, the paper is also of relevance for a new type of DTS that has recently been put 
forward, based on double-ended anti-Stokes measurements only (backscatter and forward scatter) [26]. 

Hausner et al. [24] contains an in-depth description of the functioning and physics of the type of 
Raman spectroscopy used by most DTS systems. In this paper, we build on those descriptions and add, 
in addition to the double-ended calibration approach, some details concerning construction and 
operation of calibration baths. The primary advantage for double-ended calibration method in 
environmental applications is that this method only requires calibration baths near the DTS instrument, 
which is useful in cases where it is not possible or practical to maintain calibration baths along the 
fiber optic cable. However, no detailed description of double-ended DTS calibration for environmental 
applications is available in the literature, and this technique is now widely used by practitioners. This 
article fills this gap and provides researchers with a calibration protocol, a set of practical considerations 
for the application of this method in the field, and a case study that highlights the advantages and 
disadvantages of this method.  

2. Experimental Section 

2.1. Determining Differential Attenuation 

From basic principles, the temperature of an optical fiber may be determined by the ratio of the 
Stokes and anti-Stokes backscattered light using the following equation [24,27]: 
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where T is the temperature (K) and z is the distance along the cable with z = 0 at the DTS instrument. 
The ratio ( ) ( ), ,S aSP z t P z t  is the measured ratio between the power of the Stokes (S) and anti-Stokes 
(aS) backscatter reaching the instrument. The integral in the denominator represents the product of 
length and the differential attenuation of the Stokes and anti-Stokes radiation caused by the differences 
in the absorption coefficients for both frequencies. In this manuscript, we term this dimensionless 
integral the “cumulative differential attenuation”. In practice, the remaining terms need to be 
calibrated. Theoretically, the numerator γ (K) depends on the distribution of quantum states, kγ = Ω= , 
with = being Planck’s constant, Ω the difference in frequency between the backscattered Stokes 
radiation and the incoming laser pulse, and k Boltzmann’s constant. A typical 1064 nm laser, with  
Ω ≈ 1013 Hz, gives γ ≈ 490 K [27]. In practice, γ is often treated as a constant for a given DTS system 
although the complete system of laser, gratings or prisms, and photon detectors will cause minor 
changes in Ω as function of instrument temperature and power supply [24]. In our case, we work with 
the value γ = 482.1 K, the optimal value over the measurement period. The term C(t) accounts for the 
differences in effective detector sensitivities with respect to Stokes and anti-Stokes photons, which 
may vary in time. Temporal changes in C(t) may be caused by thermal sensitivity of the detectors, as 
well as thermal variation in the alignment of the optical system, which all can result in changes in C(t). 

OBSERVATION & CORRECTION

Data processing is started from Jan – Jul 2016



Temperature absorption

Bushes grassland Balck marls

May 2016

Whole day : February, 9 2016



EACH SOIL TEMPERATURE

The variability of temperature for whole day



DIFFUSIVITY & SATURATION CALCULATION STRATEGIES

The Strategies for estimating the diffusivity are :

- Amplitude analysis (Krzeminska 2011, Durigon 2012)

- 1D inversion by Finite Difference calculation (Ukrainczyk, N., 2009)

Johansen model (1975) & Kersten coefficient is used to estimate soil water content 
(Behagael 2007, Steel dunne 2010,  Krzeminska 2011)
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with D(θ ) (m2 d-1) being the thermal diffusivity,
defined as the ratio between thermal conductivity and
volume-based specific heat.

The left-hand side of equation 5 is a first-order
differential expression in time, whereas the right-hand
side is a second-order differential expression in depth.
Considering a constant D over depth, equation 5 can
be simplified to:

2

2

dz

TdD
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dT

= (6)

and for many specific settings solutions are available
for equation 6 (Carslaw & Jaeger, 1959), most of them
in media where c, λ and D do not vary over distance
and time.

Considering the surface temperature over a day
or a year to vary according to a sine-wave, the first
boundary condition to solve equation 6 is:
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where Ta is the average temperature in one cycle, A0
is the surface temperature amplitude, τ is the period
(usually one day or one year) and ϕ is a phase constant.

The second boundary condition to be met is
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z

=
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in other words, at great depths the temperature will
be constant in time and equal to the average surface
temperature. A solution for equation 6 satisfying the
boundary conditions (equations 7 and 8) is (Carslaw
& Jaeger, 1959; Kirkham & Powers, 1972):

!"
#

$%
&

-+
,
-

.
/
0-

+=
d
zt

d

z
ATT a (

12
sinexp0 ; z = 0 (9)

Parameter d (m) from equation 9 is called the
damping depth and defined by

1
(D

d= (10)

When the thermal diffusivity D is known, equation
9 can be used to predict temperature behavior in time
and depth. The quality of the results is usually good
(Wu & Nofziger, 1999). Cichota et al. (2004) discussed
limitations of equation 9 and compared its results to
those from numerical methods. Solutions for the
simultaneous description of two wave periods (e.g. the
daily plus annual variation) are discussed in Elias et
al. (2004).

Under the assumption of a constant D per time-
and space-step, equation 9 can be used to estimate D
from observations of soil temperature in time and
depth. There are several mathematically independent
ways of doing so (Horton et al., 1983). The first method
employs two temperature amplitudes (A1 and A2, K
or °C) measured during the same time interval -
usually corresponding to one wave period at two depths
(z1 and z2). From equation 9 it can be seen that
amplitude A as a function of depth z equals

+
,
-

.
/
0-

=
d

z
AzA exp)( 0 (11)

and by substitution of (A1, z1) and (A2, z2) two
equations with two unknowns (A0 and d) are obtained.
Solving for d and substituting by equation 10, the
following expression for D is obtained:
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This method will be referred to as the amplitude
ratio method. The second method of estimating D uses
the phase lag between the sine waves at the two depths.
This is most easily achieved by determining the times
at which the temperature wave reaches its maximum
(or minimum) value at the two depths, tm1 (d) and
tm2 (d). Then, according to equation 9

d

zt

d

zt mm 2211 22
-=- (

1
(

1 (13)

which can be solved for d and D to find
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We will refer to this method as the phase lag
method.

A third method was proposed by Seemann (1979)
and quoted (with modifications) by Horton et al.
(1983). It is based on four temperature observations
during a 24 h period (6 h between observations), at
two depths. Then:
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with Tz,t (K or °C) being the temperature at depth z
and time t, and L is a constant whose value is 12.65
d-1 (for D in m2 d-1). Horton et al. (1983) reported L =
(0.0121)2 s-1 (for D in m2 s-1).

Soil thermal diffusivity from soil
composition and particle arrangement

According to the semi-empirical model proposed
by Farouki (1986)
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with Fs and Fa representing the ratios of average
temperature gradients in solids and air compared to the
gradient in the water phase, λs, λa and λw (kJ m-1 d-1 K-1)
being the thermal conductivity of solids, air and water,
respectively and α (m3 m-3) being the soil porosity.

According to the same authors, Fs and Fa can be
estimated by

1.16×10−7 m s−1 equivalent to 1 to 10 mm day−1) and
κ the thermal diffusivity (order of magnitude
1×10−7 m2 s−1). This number is a measure of the
relative part of heat advection to heat conduction. The
higher the Péclet number, the more important the
contribution of advection. For the cases considered
here (10−2≤Pe≤10−1), conduction is 10 to 100 times
more important than advection.

We solve the heat equation so as to recover the
variations of apparent thermal diffusivity and thus, the
soil water saturation.

2.1. Heat flow equation in homogeneous medium

Let us recall the analytic resolution of the heat flow
equation for a homogeneous half-space since it is
important to consider the necessary conditions for its
application.

Here, the temperature T(z,t) is governed by the one-
dimensional unsteady heat equation with the following
boundary and initial conditions (Carslaw and Jaeger,
1959):

AT
At

¼ j
A2T
Az2

ð2Þ

Tðz; 0Þ ¼ 0 ð3Þ

Tð0; tÞ ¼ !ðtÞ ð4Þ

with t the time (s), κ the thermal diffusivity (m2s−1),
and ϕ(t) the surface temperature fluctuations (°C).

At t=0, the ground temperature is not zero at depth
and hence Eq. (3) is not verified except if we consider
temperature variations from an initial temperature
profile T0(z) in steady state. We therefore use the
expression T(z,t)=T0(z)+Θ(z,t) with Θ(z,t) temperature
variations from the initial temperature profile T0(z). By
the way, both T(z,t) and Θ(z,t) are solutions to Eq. (2)
for the following boundary and initial conditions:

Tðz; 0Þ ¼ T0ðzÞ and Hðz; 0Þ ¼ 0 ð5Þ

Tð0; tÞ ¼ T0ð0Þ þ !ðtÞ and Hð0; tÞ ¼ !ðtÞ ð6Þ

d2T0=dz2 ¼ 0 ð7Þ

The last condition (7) is necessary to ensure that
T(z,t) is the absolute temperature with actual boundary
conditions and that Θ(z,t) is one of Carslaw and
Jaeger's solutions. In other words, this assumption

means that at t=0, temperature verifies ∂Θ /∂t=∂T /
∂t=0; this corresponds to a steady-state profile at
t=0 (e.g., during winter because of the snow cover)
and a constant initial temperature gradient. The
solution of Eq. (2) for T is

T⁎ðz; tÞ ¼ T0ðzÞ þ
Z t

0
!ðsÞ 1

2
ze

−z2
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Eq. (8) can be used to solve the forward problem of
thermal diffusion with restrictions caused by initial
condition (7). This condition will only be satisfied when
both surface and underground temperature fluctuations
are zero. We therefore used that criterion to select time
windows for inverting Eq. (8).

We solve the heat flow equation by using explicit
finite differences. Such a scheme avoids the difficulty
found in the analytic resolution in which the limits of
time windows are fixed due to Eq. (3). In the finite-
difference scheme, Eq. (2) is directly solved and hence
any initial temperature profile could be used.

2.2. Heat flow parameters and soil water content

Let us now examine the relationship between thermal
diffusivity and soil water content. Thermal diffusivity
(κ) is the ratio between thermal conductivity (λ) and
volumetric heat capacity or specific heat (C):

j ¼ k=C ð9Þ

The relation between heat soil capacity and soil water
content is linear (e.g., Campbell and Norman, 1998):

C ¼ ð1−nÞ:Csolid þ h:Cw ð10Þ

with n the porosity, Csolid the volumetric heat capacity
of the dry soil, θ the soil water partial saturation and Cw

the volumetric water heat capacity.
The relation between thermal conductivity and

water content is more complex. Several models have
been proposed but they are not all suitable to model
thermal diffusivity vs water content. The reader is
referred to Farouki (1986) for a review of semi-
empirical methods used to calculate soil thermal
conductivity. In this study, we examine the relevance
of three models: QP relation (Woodside and Messmer,
1961), McCumber and Pielke's (1981), and Johan-
sen's (1975) models.

Woodside and Messmer (1961) proposed a model to
determine the velocity in electromagnetic wave propa-
gation from the dielectric permittivity. A similar
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For finite differences, we take arbitrarily time
windows of 15 days. We impose a constant temperature
gradient for the first window and for each following
time window, we use the previous window temperature
profile as initial condition. This ensures the temperature
continuity. For each time window, data (analytic or
numerical cases) are inverted using the Nelder–Mead
simplex nonlinear minimization algorithm with an
objective function based on the L2-norm of temperature.

No thermal properties measurements in laboratory
are available concerning our soil and the porosity is
unknown. Consequently, the relationship between
thermal properties and soil water content is modelled
by using Johansen's (1975) model which, as stated
above, gives reliable predictions for thermal properties.

Considering the uncertainty on our soil properties, we
consider here two differentmodels as described in Section
2.2 with for case A: n=0.3, λd=0.14 W m−1 K−1 and
λs = 0.93 W m− 1 K− 1 and for case B, n=0.4,
λd=0.18 W m−1 K−1 and λs=0.8 W m−1 K−1. These
models present two different behaviours of the thermal
properties vs soil saturation.

Case A provides a good sensitivity for saturation
under 0.6 but a poorer one for high saturations. Curve B
is not monotonic and consequently leads to non-unicity
of the solution. A priori information is necessary to
choose the solution. In our study, when non-unique
solution appears, we supposed that the soil has a higher
saturation at the beginning of the spring than during the
summer.

Figs. 5 and 6 present the results obtained with analytic
and numerical modelling respectively using both models.
The upper part presents the temperature data at 60 cm
depth and the modelled data, the second part shows the
time variations of the apparent thermal diffusivity over the
year and the last two parts expound the variations of
effective soil water saturation obtained using to cases A
and B respectively for the soil layer 0–60 cm.

To estimate the sensitivity of the parameter for each
window, two curves are plotted. They represent the
range of variation of the parameter when the misfit is
increased by 50%.

We observe that the inverted value of thermal
diffusivity and consequently the effective saturation
are higher during the spring and then decrease until the
end of summer. For the analytic case (Fig. 5), both sets
of parameters give effective saturations of the same
order of magnitude. Uncertainty is however different. It
is better for case A than for case B especially during
summer when thermal diffusivities are low. When finite-
differences are used, time resolution is better and
uncertainty is consequently lower except in July.

During two periods of the year, we observe relatively
low values of thermal diffusivity and water saturation
(windows 3 and 16, Fig. 6). We can explain that result
by the presence of snow on the field during several days.
It implies the presence of an additional top layer with a

Fig. 4. Variation of thermal conductivity and diffusivity with effective
soil saturation using Johansen's (1975) model for two sets of parameters.
Model 1 is plotted using porosity n equal to 0.3, dry and saturated thermal
diffusivity (respectively λd and λs) equal to 0.14 W m−1 K−1 and
0.93 W m−1 K−1. For model 2, we choose n=0.4, λd=0.18 W m−1 K−1

and λs=0.8 W m−1 K−1.

Fig. 3. Variation of thermal conductivity and diffusivitywith effective soil
saturation usingMcCumber and Pielke's (1981)model. For this example,
b andψs are chosen as characteristical parameters of silty clay loam. They
are respectively equal to −27 cm and 12 (USGS classification).

238 M. Béhaegel et al. / Journal of Applied Geophysics 62 (2007) 234–243
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Initial condition

Boundary condition

1D Finite difference to estimate the diffusivity

p is time step

Johansen model (1975) & Kersten coefficient : 

Heat parameters

Heat equation

1.16×10−7 m s−1 equivalent to 1 to 10 mm day−1) and
κ the thermal diffusivity (order of magnitude
1×10−7 m2 s−1). This number is a measure of the
relative part of heat advection to heat conduction. The
higher the Péclet number, the more important the
contribution of advection. For the cases considered
here (10−2≤Pe≤10−1), conduction is 10 to 100 times
more important than advection.

We solve the heat equation so as to recover the
variations of apparent thermal diffusivity and thus, the
soil water saturation.

2.1. Heat flow equation in homogeneous medium

Let us recall the analytic resolution of the heat flow
equation for a homogeneous half-space since it is
important to consider the necessary conditions for its
application.

Here, the temperature T(z,t) is governed by the one-
dimensional unsteady heat equation with the following
boundary and initial conditions (Carslaw and Jaeger,
1959):
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¼ j
A2T
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ð2Þ

Tðz; 0Þ ¼ 0 ð3Þ

Tð0; tÞ ¼ !ðtÞ ð4Þ

with t the time (s), κ the thermal diffusivity (m2s−1),
and ϕ(t) the surface temperature fluctuations (°C).

At t=0, the ground temperature is not zero at depth
and hence Eq. (3) is not verified except if we consider
temperature variations from an initial temperature
profile T0(z) in steady state. We therefore use the
expression T(z,t)=T0(z)+Θ(z,t) with Θ(z,t) temperature
variations from the initial temperature profile T0(z). By
the way, both T(z,t) and Θ(z,t) are solutions to Eq. (2)
for the following boundary and initial conditions:

Tðz; 0Þ ¼ T0ðzÞ and Hðz; 0Þ ¼ 0 ð5Þ

Tð0; tÞ ¼ T0ð0Þ þ !ðtÞ and Hð0; tÞ ¼ !ðtÞ ð6Þ

d2T0=dz2 ¼ 0 ð7Þ

The last condition (7) is necessary to ensure that
T(z,t) is the absolute temperature with actual boundary
conditions and that Θ(z,t) is one of Carslaw and
Jaeger's solutions. In other words, this assumption

means that at t=0, temperature verifies ∂Θ /∂t=∂T /
∂t=0; this corresponds to a steady-state profile at
t=0 (e.g., during winter because of the snow cover)
and a constant initial temperature gradient. The
solution of Eq. (2) for T is

T⁎ðz; tÞ ¼ T0ðzÞ þ
Z t

0
!ðsÞ 1

2
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−z2
4jðt−sÞ

ðpjðt−sÞ3Þ0:5
ds ð8Þ

Eq. (8) can be used to solve the forward problem of
thermal diffusion with restrictions caused by initial
condition (7). This condition will only be satisfied when
both surface and underground temperature fluctuations
are zero. We therefore used that criterion to select time
windows for inverting Eq. (8).

We solve the heat flow equation by using explicit
finite differences. Such a scheme avoids the difficulty
found in the analytic resolution in which the limits of
time windows are fixed due to Eq. (3). In the finite-
difference scheme, Eq. (2) is directly solved and hence
any initial temperature profile could be used.

2.2. Heat flow parameters and soil water content

Let us now examine the relationship between thermal
diffusivity and soil water content. Thermal diffusivity
(κ) is the ratio between thermal conductivity (λ) and
volumetric heat capacity or specific heat (C):

j ¼ k=C ð9Þ

The relation between heat soil capacity and soil water
content is linear (e.g., Campbell and Norman, 1998):

C ¼ ð1−nÞ:Csolid þ h:Cw ð10Þ

with n the porosity, Csolid the volumetric heat capacity
of the dry soil, θ the soil water partial saturation and Cw

the volumetric water heat capacity.
The relation between thermal conductivity and

water content is more complex. Several models have
been proposed but they are not all suitable to model
thermal diffusivity vs water content. The reader is
referred to Farouki (1986) for a review of semi-
empirical methods used to calculate soil thermal
conductivity. In this study, we examine the relevance
of three models: QP relation (Woodside and Messmer,
1961), McCumber and Pielke's (1981), and Johan-
sen's (1975) models.

Woodside and Messmer (1961) proposed a model to
determine the velocity in electromagnetic wave propa-
gation from the dielectric permittivity. A similar
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1.16×10−7 m s−1 equivalent to 1 to 10 mm day−1) and
κ the thermal diffusivity (order of magnitude
1×10−7 m2 s−1). This number is a measure of the
relative part of heat advection to heat conduction. The
higher the Péclet number, the more important the
contribution of advection. For the cases considered
here (10−2≤Pe≤10−1), conduction is 10 to 100 times
more important than advection.

We solve the heat equation so as to recover the
variations of apparent thermal diffusivity and thus, the
soil water saturation.

2.1. Heat flow equation in homogeneous medium

Let us recall the analytic resolution of the heat flow
equation for a homogeneous half-space since it is
important to consider the necessary conditions for its
application.

Here, the temperature T(z,t) is governed by the one-
dimensional unsteady heat equation with the following
boundary and initial conditions (Carslaw and Jaeger,
1959):
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At

¼ j
A2T
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Tðz; 0Þ ¼ 0 ð3Þ

Tð0; tÞ ¼ !ðtÞ ð4Þ

with t the time (s), κ the thermal diffusivity (m2s−1),
and ϕ(t) the surface temperature fluctuations (°C).

At t=0, the ground temperature is not zero at depth
and hence Eq. (3) is not verified except if we consider
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profile T0(z) in steady state. We therefore use the
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means that at t=0, temperature verifies ∂Θ /∂t=∂T /
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thermal diffusion with restrictions caused by initial
condition (7). This condition will only be satisfied when
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are zero. We therefore used that criterion to select time
windows for inverting Eq. (8).

We solve the heat flow equation by using explicit
finite differences. Such a scheme avoids the difficulty
found in the analytic resolution in which the limits of
time windows are fixed due to Eq. (3). In the finite-
difference scheme, Eq. (2) is directly solved and hence
any initial temperature profile could be used.

2.2. Heat flow parameters and soil water content

Let us now examine the relationship between thermal
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The relation between heat soil capacity and soil water
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with n the porosity, Csolid the volumetric heat capacity
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the volumetric water heat capacity.
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water content is more complex. Several models have
been proposed but they are not all suitable to model
thermal diffusivity vs water content. The reader is
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empirical methods used to calculate soil thermal
conductivity. In this study, we examine the relevance
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expression exists for porous media and is called
‘quadratic parallel’ (QP) expression also called ‘time-
propagation’ (TP) or ‘complex refractive index’ (CRIM)
equations:

k ¼
XN

i¼1

xi
ffiffiffiffi
ki

p
 !2

ð11Þ

with xi and λi respectively the volume fraction and
thermal conductivity of each soil constituent.

This semi-empirical relation is adapted to describe
the behaviour of the thermal conductivity vs water
content (Cosenza et al., 2003). Even though the values
of λ obtained this way are in good agreement with
laboratory measurements, this relation cannot be used
for numerical modelling that requires thermal diffusiv-
ity: indeed, the thermal diffusivity one would obtain
using this relation decreases with increasing saturation
(Fig. 2), contrary to what is generally observed.

McCumber and Pielke's (1981) model is used
especially in soil vegetation atmosphere transfer
schemes (SVATS, e.g., Noilhan and Planton, 1989;
Chen et al., 1998). Thermal conductivity is expressed by

kðhÞ ¼ 418expð−ðPf þ 2:7ÞÞ PfV5:1 ð12Þ

kðhÞ ¼ 0:17 PfN5:1 ð13Þ

with Pf = log10(|ψ(θ)|) and ψ(θ) the soil water potential
(cm) at soil moisture θ.

This relation comes from a fit of Al Nakshabandi and
Kohnke's (1965) data. They compared only three soil
types (clay, silt loam and fine sand) and no information
is given concerning measurement uncertainties. This
relation is discussed by Cuenca et al. (1996). Fig. 3
shows that this relation leads to very high thermal
conductivities (N3 W m−1 K−1) that are not physically
acceptable.

The third model is from Johansen (1975). He
calculates thermal conductivity λ as a combination of
the dry λd and saturated λs thermal conductivities,
weighted by a normalized thermal conductivity Ke
called the Kersten number:

k ¼ Keðks−kdÞ þ ks ð14Þ

For unfrozen fine soils:

Ke ¼ log10Sr þ 1 for SrN0:1 ð15Þ

where Sr =θ /n.

Fig. 4 presents thermal conductivity and diffusivity
relations for two sets of parameters using Johansen's
model. Both types of behaviour are observed in
published data. For case A, we chose a porosity equal
to 0.3 and dry and saturated thermal conductivities equal
respectively to 0.14 W m−1 K−1 and 0.93 W m−1 K−1.
For case B, we take n=0.4, λd=0.18 W m−1 K−1 and
λs=0.8 W m−1 K−1. Both cases show a monotonic
relation for thermal conductivity as expected. To
evaluate thermal diffusivity, we consider a dry soil
volumetric heat capacity equal to 2×10−6 J m−3 K−1. In
case A, thermal diffusivity is monotonic while in case B,
it increases until a maximum reached at Sr=0.6 and then
decreases. Johansen's relation is interesting because it
can fit both observed behaviours.

2.3. Data inversion and results

To model the time variations of apparent thermal
diffusivity, we inverted temperature data for several
time windows in which we consider the thermal
diffusivity constant. When analytic Eq. (8) is used, we
take specific time windows that allow temperature to
verify appropriate boundary and initial conditions
(initial constant temperature gradient). Consequently,
the time windows are selected numerically such that
the boundary and initial conditions (Eqs. (5), (6), and
(7)) are satisfied.

Fig. 2. Variation of thermal conductivity and diffusivity with effective
soil saturation using the ‘quadratic expression’ (Woodside and Mesmer,
1961) (also called ‘time-propagation’ (TP) or ‘complex refractive index’
(CRIM) equations). For this example, Ksoil=3.6 W m−1 K−1 and
Cs=2×10

6 J m−3 K−1. Porosity is taken equal to 0.4.
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ESTIMATING DIFFUSIVITY BY FINITE DIFFERENCE



PROCESSING

Temperature
FO-DTS

Johansen	(1975)	
model

Finite	Difference
!(")

Solution	/model

S	<	# 0	<	" <	1
S(")	<	#

Modify	model	
Parameters	

$(")
%(") 	=	!(")
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The parameters of model are modified 
based on thermal properties of clay 
(dry and saturated). The site is 
dominated by clay.

The parameters of model are:
- Ø = 20 – 35 %
- Hc = 1.4 – 2.7 MJ.m-3.K-1

- Cd = 0.6 – 0.8 W.m-1.K-1

- Cs = 1.6 – 1.98 W.m-1.K-1

(Krzeminska, 2011)



DIFFUSIVITY & SOIL MOISTURE

Diffusivity & soil moisture for each soil type over time
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VARIATION OF DIFFUSIVITY
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#10-6 Variation of Diffusivity from Marc to April 2016

Forest
Grassland
Black marls

Range of Diffusivity for each soil type 
(m2s-1)

Max Min 𝜎

Forest 7.76 × 10-7 4.23 × 10-8 6.17 × 10-8

Grassland 3.88 × 10-7 3.89 × 10-8 4.61 × 10-8

Black marls 1.25 × 10-6 5.15 × 10-8 2.48 × 10-7

The variation of diffusivity and range from March to April 2016 for each soil type

• The average of diffusivity for each soil type is calculated to 
obtain the range of value.

0 10 20 30 40 50 60
Distance (m)

0.5

1

1.5

2

2.5

3

D
iff

us
iv

ity
 (m

2 s-1
)

#10-7 Diffusivity along the fiber at 

Average fluctuation for 2 months



Analysis parameters value

Moving average window = 5 hour

RMSE 0.05 oK

Mean Relative error 3.3 %

DIFFUSIVITY, SOIL MOISTURE & RAIN EVENT
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COMPARISON OF SENSORS AND CALCULATION
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COMPARISON OF CALCULATION AND DIRECT OBSERVATION

The changes of soil moisture has same patterns that observed by several sensor and 
calculation for 20 days period.



HUMIDITY AROUND THE FIBER OPTIC

Humidity was measured by ML3 probe, and average soil moisture at whole of the day.
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HUMIDITY AROUND THE FIBER OPTIC

Humidity was measured by ML3 probe, and average soil moisture at whole of the day.
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SOIL MOISTURE ON DRY BATH CONDITION
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The bath reference was dry that started from mid of June 2016 to mid of July 2016.



Relation of data observation from ML3 and Soil moisture calculation

HUMIDITY SENSOR VS SOIL MOISTURE CALCULATION

Linearity of calculated soil moisture versus humidity from ML3 probe.

20-May 26-May 30-May
RMSE 4.7 4.9 5.4



CONCLUSION

27

This work presents diffusivity calculation using the finite difference method and inversion
process from temperature observations measured by FO-DTS.
The result are:
• Fiber optic DTS works properly from Dec 2015 until now.
• FO DTS was not properly on July 2016 because bath references were dry.
• Diffusivity and soil moisture is qualitatively coherent with rain events.
• The variability of diffusivity and soil moisture presents the water changes over the time.
• Comparison of calculation and observation (EC5, PR2 and ML3 probe as soil moisture

and humidity sensor).



Direct	model Observation	modelLoop

Data	Assimilation

THE NEXT STEP
• Analysis of soil thermal properties on active heated fiber optic configuration.
• Running electrical resistivity tomography (ERT) around the fiber to determine variability

of electrical resistivity. The electrical resistivity is affected by soil water content.
• Controlling water infiltration system to validate the the soil moisture calculation without

any disturbance.
• Future research will also explore The diffusivity calculation by data assimilation. Kalman

filter will be used for estimating the soil water changes.



ERT PLANNING SETUP

Electrode material : Stainless steel (for long time burial purposes)
Dimension of elect : Ø = ± 8 mm, L = >5 cm (±3 cm buried and 2.5 contact to cable)
Configuration : Wenner
Number of electrode : 48
Electrode spacing : 0.06 m
Total distance : 2.82 m
Installation line : 3 lines perpendicular with fiber optic cable
Lateral resolution : 0.06 m
Vertical resolution : ± 0.03 m
Measurement depth : ± 0.45 m
Profile distance : ± 2.5 m (maximum)
Measurement time : ± 30 minutes per line (depend on main unit instrument)
Electrode pad : wood as current insulation

2D survey installation 

• The wood is used to make easier electrode movement setup
• It will be better if plywood is covered by plastic. So The wood keeps dry even rainy. Wet wood will 

be a conductor and that is a bad insulator between electrode.



WATER INFILTRATION CONTROL SYSTEM

Water flow specification:
Volume 0.002 m3
Time 60 s
Debit 3.4 × 10-5 m3/s

2 litre / minute

Porous mediumpipe

water

Artificial rain

Water level sensor

60 meter
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(Oliver sass, 2010)
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